shelves depleted global ocean alkalinity, which reduced CO 2 solubility in seawater and contributed to atmospheric CO 2 rises at these times.
S P E C I A L I S S U E O N C H A N G I N G O C E A N C H E M I S T R Y  PA S T R E C O R D S : PA L E O C E N E T O H O L O C E N E (inset photo) Benthic foram Cibicidoides wuellerstorfi.
(map) Modern global deepwater CO 3 2-at 3,500 m water depth (Key et al., 2004) . e map was generated using Ocean Data View. circulation changes, especially in the Southern Ocean, are critical (Sigman and Boyle, 2000; Stephens and Keeling, 2000; Toggweiler et al., 2006; Anderson et al., 2009; Sigman et al., 2010 and CO 3 2-. Everything else being equal, an increase in ALK causes more DIC to take the form of CO 3 2-and less of it to be aqueous CO 2 , lowering CO 2 partial pressure ( Figure 2B ) and e ectively 
MODERN OCEAN CO 3 2  VARIABILIT Y
We rst summarize variations in [CO 3 2-]
and factors controlling them in the modern ocean ( Figure 3 ; Key et al., 2004 per ‰, respectively (Yu et al., 2008 (Sigman and Boyle, 2000; Brovkin et al., 2007) . is decrease is barely enough to counter the atmospheric CO 2 rise that is due to the transport of ~ 500 Gt (1 Gt = 10 15 g) of carbon from the land biosphere to the ocean during interglacial to glacial transitions (Bird et al., 1994; Ciais et al., 2012) . To explain up to ~ 100 ppm glacial-interglacial atmospheric CO 2 uctuations requires more complex ocean processes. Existing evidence suggests that biogeochemistry and physical Figure 1 . Records of (A) atmospheric pCO 2 (Lüthi et al., 2008) compared with (B) Antarctic air temperature changes (Jouzel et al., 2007) and (C) benthic foraminiferal δ 18 O stack curve (Lisiecki and Raymo, 2005) during the last 800,000 years. Vertical gray bars indicate interglacials. Age (kyr) (C organic :C CaCO3 ) of 4:1 (Broecker and Peng, 1982) , photosynthesis consumes seawater DIC and ALK at a ratio of 3.58:1 (Yu et al., 2008) Figure 3A ), due to intensive upwelling of very deep waters and ine cient nutrient utilization .
Sinking and subsequent decomposition of biological matter decreases [CO 3 2-] in the deep ocean (Figure 2A ), but di erent water masses bear distinctive values that re ect their di erent histories ( Figure 3 ). e well-ventilated (Schmitz, 1996) . As a consequence, DIC is ~ 50 µmol kg 2-] (unit: µmol kg -1 ) and pCO 2 (unit: µatm) are calculated at temperature of 25°C, salinity of 35, pressure of 1 atm (water depth of 0 m). CaCO 3 dissolution increases seawater ALK and DIC in a ratio of 2:1, with a net effect to raise seawater [CO 3
2-] and decrease pCO 2 ; CaCO 3 formation has the opposite effects. Invasion and release of CO 2 into/from the ocean only affects seawater DIC. Photosynthesis mainly consumes seawater DIC and slightly increases seawater ALK due to the uptake of nitrate; respiration has the reverse effect. due to the relatively large sample size requirement for analyses (Hönisch et al., 2008; Yu et al., 2010b; Rae et al., 2011 (Marchitto et al., 2000) .
Here, we focus on a recently devel- 2-] and the saturation horizons in equatorial Atlantic and Pacific Oceans. e saturation horizon is defined as the depth where in situ [CO 3 2-] equals the saturation [CO 3 2-] (which is largely determined by pressure or water depth). Above the saturation horizon, seawater is saturated and CaCO 3 tends to be preserved, whereas below the saturation horizon, seawater is undersaturated and CaCO 3 has the potential to dissolve. Panel (A) is generated using Ocean Data View (Schlitzer, 2006) . Data are from the GLobal Ocean Data Analysis Project (GLODAP) data set (Key et al., 2004). 2013a; Rickaby et al., 2010; Raitzsch et al., 2011) . As Figure 4 shows reconstructions as shown in Figure 4 .
Currently, calibrations are only available for a few species, and B/Ca in other benthic species remains to be explored. Rae et al., 2011; Raitzsch et al., 2011; Yu et al., 2013a Because (1) (Henehan et al., 2013) and from (B) RAPiD 1P (62.3°N, 17.6°W) and 4P (62.3°N, 17.1°W) (Yu et al., 2013b) . Deepwater [CO 3 2-] data are from samples from cores (C) VM28-122 (12°N, 79°W, 3,623 m; sill depth = 1,800 m) (Yu et al., 2010b) , (D) BOFS 8K (52.5°N, 22.1°W, 4,045 m) (Yu et al., 2008) , (E) WIND 28K (10.2°S, 51.8°E, 4,147 m) (Yu et al., 2010a) , and (F) GGC48 (0°, 161°E, 3,400 m) (Yu et al., 2010a) . Core locations are shown in Figure 3A . Atmospheric pCO 2 (G) and Antarctic air temperature change (H) are based on ice core reconstructions (Jouzel et al., 2007; Lüthi et al., 2008) . Figure 2B ; Broecker and Peng, 1987; Boyle, 1988) .
The Last Deglaciation Figure 6H ; Stephens and Keeling, 2000; Jouzel et al., 2007) . e release of deepsea CO 2 is suspected to be responsible for a ~ 50 ppm rise in atmospheric CO 2 and a ~ 190‰ decline in atmospheric radiocarbon during the early deglaciation (Broecker and Barker, 2007; Lüthi et al., 2008) . likely indicates an ALK decrease possibly associated with carbonate compensation (Broecker and Peng, 1987) . e initial deepwater [CO 3 2-] increase due to CO 2 release during the early deglaciation would promote the preservation and burial of CaCO 3 in sediments, which is observed at many locations worldwide from 14,000-10,000 years ago (Berger, 1977; Prell, 1989, 1991; Hodell et al., 2001; Anderson et al., 2008; Yu et al., 2010a) . Improved (which is sensitive to biological respiration) has remained roughly constant (e.g., Yu et al., 2010a) , the Holocene 1992) . By reducing CO 2 solubility in the ocean, the decrease in the whole ocean ALK inventory drives up atmospheric CO 2 ( Figure 2B ) and contributes to the 20 ppm rise in atmospheric CO 2 since ~ 8,000 years ago ( Figure 6G ), as demonstrated by modeling (Ridgwell et al., 2003; Menviel and Joos, 2012) . 
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